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ABSTRACT

The authors successfully model and simulate the observed evidence that anomalously high winter/spring
Eurasian snow cover is linked to weak rainfall in the following summer Indian monsoon. It is shown that
excessive snow cover in February reduces June to September precipitation over India. The excessive snow cover
is associated with a weak monsoon characterized by higher sea level pressure over India, a weaker Somali jet,
weaker lower tropospheric westerlies, and weaker upper tropospheric easterlies. The weak monsoon is also
associated with weaker secondary circulations. The remote response to excessive Eurasian snow cover is to
reduce the strength of trade winds in the eastern equatorial Pacific Ocean. Energy used in melting excessive
snow reduces the surface temperature over a broad region centered around the Tibetan Plateau. Reduced surface
sensible heat flux reduces the midtropospheric temperature over the Tibetan Plateau. The result is to reduce
the midtropospheric meridional temperature gradient over the Indian peninsula, which weakens the monsoon

circulation.

1. Introduction

More than a century ago, Blanford ( 1884) suggested
the inverse relation between Himalayan winter and
spring snow accumulation and subsequent summer
monsoon rainfall over India. This relation was later
substantiated with additional data by Walker (1910).
Because of an inadequate observational network to ob-
tain the spatial variation of snow cover over the Hima-
layan region, little progress was made until the avail-
ability of satellite measurements. Hahn and Shukla
(1976) used snow cover data derived from satellite ob-
servations to show that the correlation between winter
Eurasian snow cover south of 52°N and the following
Indian summer monsoon rainfall is negative and sta-
tistically significant. This result was further supported
by Dey and Bhanu Kumar (1982, 1983) and Dickson
(1984). The relationship between snow cover and
monsoon circulation is consistent with a suggestion by
Charney and Shukla (1981) that the Indian monsoon
circulation is a dynamically stable system and its in-
terannual variations are largely determined by slowly
varying surface boundary conditions.

The monsoon circulation is characterized by a re-
versal of the zonal mean annual mean midtropospheric
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temperature gradient between the equator and 30°N.
That is, during the summer monsoon, the equator is
colder than northern India. A weaker meridional tem-
perature gradient between the equator and 30°N can
delay and weaken the monsoon circulation. Shukla
(1987) hypothesized that an excessive snowfall during
the previous winter and spring seasons can delay the
build up of the monsoonal temperature gradient be-
cause part of the solar energy will be reflected and part
will be utilized for melting the snow or for evaporating
the soil moisture. A relatively small amount of energy
will be left for warming the surface and hence the at-
mosphere.

Recently, three general circulation model (GCM)
studies (Barnett et al. 1989; Yasunari et al. 1991; Zwiers
1993) reported on experiments to investigate the phys-
ical mechanisms responsible for the relation between
Eurasian snow cover and the Asian summer monsoon.
Barnett et al. (1989) used the European Centre for
Medium Range Weather Forecasts (ECMWF) spectral
model with triangular truncation at wavenumber 21
and 16 levels in the vertical. They investigated the in-
fluence of snow melting and evaporation as well as the
snow albedo effect from experiments with different
snowfall rates. They found that the effect of albedo
alone was not significant but that the effect of snow
melting and evaporation in addition to the albedo effect
significantly diminished the intensity of Asian summer
monsoon circulations. Yasunari et al. (1991) used the
Meteorological Research Institute gridpoint GCM with
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horizontal resolution of 4° lat X 5° long and five levels
in the vertical. In their anomaly experiment, they added
5-cm water equivalent snow cover depth over Eurasia
between 30°~60°N on 1 March to the snow cover in
the control experiment. They found that the albedo
effect dominates in the spring to reduce the surface
temperature, particularly over Tibet. However, in
summer, increased evaporation of excess water due to
snowmelt cools the surface, especially in the middle
latitudes. In the anomaly experiment, the Asian mon-
soon circulations were weaker and precipitation re-
duced up to 20% over southeast Asia compared to that
of the control run. Zwiers (1993) used the Canadian
Climate Centre’s spectral GCM with triangular trun-
cation at 20 waves and 10 levels in the vertical. He
analyzed the data over Asia from two long integrations
with the model, one for 38 years and another for 20
years. He argued that an excess of snow cover over
Tibet (or Eurasia) reduces the surface sensible heat
flux and that the reduction occurs during the Asian
monsoon rainy season. He computed the canonical
correlations between surface sensible heat flux over Ti-
bet (and over Eurasia) and precipitation over southeast
Asia for June, July, and August (JJA). He found a
positive correlation between Tibetan sensible heat flux
and southeast Asian rainfall suggesting an inverse re-
lationship between Tibetan snow cover and southeast
Asian rainfall. Similar results were obtained when Ti-
betan and Eurasian surface sensible heat fluxes were
considered, implying that it is the Tibetan snow cover
rather than the Eurasian snow cover that influences
the monsoon circulation.

All three studies were based on models with low hor-
izontal resolution. The models were able to simulate
large-scale features of the Asian monsoon but they had
deficiencies in simulating regional features of the Indian
monsoon, particularly the precipitation pattern. The
results of these studies show that the Eurasian snow
cover reduces the intensity of the Asian monsoon. Most
of the known empirical evidence is between Eurasian
snow cover and the Indian monsoon and not the whole
Asian monsoon (including southeast Asian and east
Asian monsoons). The relation between Eurasian snow
cover and the Chinese monsoon is rather complicated.
Recently, Yang and Xu (1994 ) divided China into five
regions having similar characteristics of interannual
rainfall variability. They correlated JJA rainfall of each
one of these regions and Eurasian snow cover. They
found that out of five regions, two are positively cor-
related while three are negatively correlated. The pur-
pose of the present study is to investigate the Eurasian
snow cover and Indian summer rainfall connection
with the aid of a GCM with relatively higher resolution
and that is able to simulate the main regional features
of the Indian monsoon. Section 2 describes the exper-
imental design. The results are presented in section 3.
A discussion and concluding remarks are given in sec-
tion 4.
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2. Experiment design

We conducted two experiments with the Center for
Ocean-Land-Atmosphere Studies (COLA) GCM. In
this section we describe the model, snow cover data,
and the experiment.

a. The model

The COLA GCM is a spectral model with rhom-
boidal truncation with 40 waves and 18 levels in the
vertical. The dynamics of the model are based on the
primitive equations. Large-scale orographic effects are
simulated by a modified mean orography computed
on the model Gaussian grid (~1.76°lat X 2.81°long)
from the U.S. Navy 10-min elevation data. The mod-
ifications are to reduce the amplitude of Gibbs oscil-
lations in a truncated spectral transform (Zhou 1993;
Fennessy et al. 1994). Surface wave drag and the ver-
tical distribution of wave drag due to vertically prop-
agating gravity waves induced by subgrid-scale orog-
raphy are parameterized following procedures by
Pierrehumbert (1987), Palmer et al. (1986), and Hel-
fand et al. (1987) (see Vernekar et al. 1992; Kirtman
etal. 1993). Exchange of momentum, heat, and water
vapor between the earth’s surface and the atmosphere
are simulated with a simplified biosphere model (Xue
et al. 1991, after Sellers et al. 1986). The parameter-
ization of the surface layer is based on the Monin-
Obukhov similarity theory. Planetary boundary layer
processes are parameterized using the Mellor-Yamada
level 2 turbulent closure scheme (1982). The model
includes the diurnal cycle. Shallow convection is pa-
rameterized following Tiedtke (1984). Deep convec-
tion is parameterized using the Kuo (1965) scheme
modified by Anthes (1977). Parameterization of long-
wave radiation is based on Harshvardhan et al. (1987)
and that of shortwave radiation follows Lacis and
Hansen (1974). Interaction between radiation and
model-generated supersaturation and cumulus clouds
is based on the scheme of Slingo (1980) and Slingo
(1987) (see Hou 1990). Precipitation is due to large-
scale supersaturation and subgrid-scale moist convec-
tion. If the surface temperature is less than the freezing
point of water, the precipitation is taken to be snow.
Snow accumulates on the ground and on the canopy.
The depth of snow intercepted on the ground is five
times the equivalent of liquid water. Snow melts when
the surface temperature exceeds 273 K. Snow cover
influences radiation, turbulent transfer processes, and
the heat capacity of the canopy. When snow melts, soil
moisture and runoff are affected. Soil moisture and
snow cover are prescribed from climatology initially
but subsequently predicted by the model. Daily vari-
ations of sea surface temperature (interpolated from
monthly mean data) are prescribed. Also, the seasonal
variation of vegetation cover is prescribed.

The model simulates the Indian monsoon circula-
tions fairly accurately. Here we show some of the results
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FIG. 1. Regional distribution of 1988 JJA 850-mb wind (m s™').
(a) Model simulation. (b) NMC analysis. Lower scale of gray shade
shows magnitude of wind.

of 1988 summer monsoon simulations. The model was
integrated from 2 June to 30 August using 2 June 1988
initial conditions and prescribing the seasonal variation
of 1988 sea surface temperature. Figure 1 shows a
comparison of simulated JJA 850-mb winds and cor-
responding NMC analysis for 1988. The flow pattern
showing easterly wind over the southern Indian Ocean,
the Somali Jet, southwesterly flow over the Arabian
Sea, westerly flow over the Indian peninsula, and the
southwesterly flow over the Bay of Bengal agrees well
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with the NMC analysis. Even the strength of the Somali
Jet and the westerly flow over the peninsula are in good
agreement with those of the NMC analysis. The sim-
ulated 200-mb circulation and the corresponding NMC
analysis are shown in Fig. 2. The simulated circulations
associated with the Tibetan High, the equatorial east-
erly jet of ~25 m s™! and the westerly jet north of
Tibet of ~30 m s~' agree well with the analysis. The
real test of a model is in its ability to simulate the am-
plitude and phase of the precipitation pattern. Figure
3 shows a comparison between the simulated precip-
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FIG. 2. Same as Fig. 1 but for 200 mb.
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F1G. 3. Regional distribution of 1988 JJA precipitation rate (a)
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itation pattern and the precipitation derived from ob-
served data. The observed data are a combination of
gridded station data over land (Global Precipitation
Climatology Project, Janowiak and Arkin 1991) and
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precipitation derived from the Microwave Sounding
Unit satellite data over the ocean (Spencer 1993). The
precipitation pattern and its magnitude in eastern India
are accurately simulated. However, the magnitude of
precipitation near the western Ghats (a low mountain
range along the western side of the Indian peninsula)
is underestimated. Otherwise the general features are
in agreement with the observations.

b. Snow cover data and experiments

Empirical studies mentioned in the introduction, in
particular, Hahn and Shukla (1976), show an inverse
relationship between winter (DJFM) Eurasian snow
cover extent and the following summer (JJAS) rainfall
over India. Climatological seasonal variation of Eur-
asian snow cover shows that the maximum snow cover
extent occurs in February (Matson et al. 1986). There-
fore, we started the model integration from February.
To prescribe the initial snow cover anomaly, we need
a measure of the geographical distribution of interan-
nual variability of snow extent and snow depth. Ac-
curate estimates of snow extent are available for several
years from weekly digitized maps analyzed and ar-
chived by the National Environmental Satellite Data
and Information Service, NOAA, but the snow depth
information is not available. Schutz and Bregman
(1988) provide monthly mean climatology snow extent
and depth derived from surface station observations
but no information on interannual variability. There
are several datasets from surface station data with in-
terannual variability but these observations are not
representative of variability on a continental scale.

The only global dataset available on interannual
variability of snow depth is from the Nimbus-7 Scan-
ning Multichannel Microwave Radiometer (SMMR ).
These data are derived by utilizing the scattering prop-
erties of microwaves emerging from the earth’s surface.
In the dry snowpack, snow crystals scatter and redis-
tribute the microwave radiation emerging from the
underlying soil. At 37 GHz, the scattering coefficient
of snow is much larger than the absorption coefficient,
whereas at 18 GHz, absorption becomes the dominant
effect. There is a general increase in the scattering of
microwave energy with increasing snow depth leading
to a lower microwave brightness temperature. Chang
et al. (1987) have shown that snow depth can be es-
timated from a relationship that depends on the dif-
ference between passive microwave brightness tem-
perature in the 18- and 37-GHz channels. The accuracy
of these estimates deteriorates if there is wet snow. The
relationship fails when snow depth is less than 2 cm.
In spite of these problems, the monthly mean clima-
tology based on nine years of data (1979-1987) com-
pares favorably with the climatology compiled by
Schutz and Bregman (1988). From the nine years of
data, we computed the anomaly in snow depth for Jan-
uary and February data, and we linearly interpolated
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in time to obtain the maximum and minimum snow
depth for February 1, 2, 3, and 4. From here onward
we shall use “heavy” snow cover for the maximum
snow depth and ““light” snow cover for the minimum
snow depth. The distribution of heavy snow cover over
Eurasia for 2 February is shown in Fig. 4a. Snow depth
is shown in mm water equivalent. The 50-mm water
equivalent isoline covers a large fraction of Eurasia.
Snow cover larger than 100-mm water equivalent is
largely in Siberia and a relatively small region over
eastern Tibet. The snow depth distribution for 2 Feb-
ruary light snow is shown in Fig. 4b. In this case, the
50-mm water equivalent isoline very nearly covers the
region covered by 100-mm water equivalent in Fig. 4a.
In the light snow cover, Tibet is covered with less than
25-mm water equivalent. The difference between heavy
and light snow depth is shown in Fig. 4c. The largest
differences are over eastern Tibet, Mongolia, and Sibe-
ria. Most of the difference is about 50-mm water
equivalent. The magnitude of the difference is com-
parable to the anomaly prescribed by Yasunari et al.
(1991) in a similar experiment.

Two experiments were made by integrating the
model in an annual cycle mode from the beginning of
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February to the end of September. In one experiment
we initially prescribe the heavy snow cover over Eurasia
and in the other experiment, the light snow cover. From
here onward, we shall refer to the experiment with ini-
tial heavy snow cover as HSE and that with the light
snow cover, LSE. The initial snow cover over the rest
of the globe was prescribed from climatology based on
nine years of data. The SST, soil moisture, and vege-
tation cover were prescribed from climatology. The
SST data were obtained from Reynolds (1988), the
soil moisture data from Mintz and Serafini (1984),
and the vegetation cover from Dorman and Sellers
(1989). For each experiment, we made four runs with
atmospheric initial conditions for four consecutive
days. The four initial atmospheric conditions were for
0000 UTC 1-4 February 1986 from NMC analysis.
We have used the initial Eurasian snow cover anom-
alies for the corresponding days derived from the
SMMR data. The results of these two experiments are
presented in the next section.

3. Results

All the results presented here are based on ensemble
means of four realizations, with initial conditions of
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1-4 February 1986 for each experiment. As mentioned
earlier, the model predicts snow accumulation and
snow melting during integration. The seasonal varia-
tion of snow extent over Eurasia is similar in both of
the experiments (see Fig. 5). The initial extent of Eur-
asian snow cover is ~ 30 million square kilometers in
HSE and ~26 million square kilometers in LSE. The
snow extent generally decreases as the warm season
progresses. It starts accumulating slowly from mid-
September. These characteristics of snow extent vari-
ations agree well with the observations (see, e.g., Mat-
son et al. 1986). The major difference in the two
experiments is in the initial value and the seasonal
variation of snow depth. The initial snow depth in the
HSE is almost twice as much as in the LSE (see Fig.
6). In both of the experiments, the snow depth increases
in early spring and then starts decreasing in early May.
Most of the snow is melted by the end of June. These
snow depth variations are similar to those in the ob-
servations (Schutz and Bregman 1988). The rate at
which the snow is melted differs in the two experiments,
especially in May and June. Snowmelt rate in HSE
during this period is higher than that in the LSE.

a. Thermal effects of the Tibetan Plateau

One of the conditions for the establishment of the
summer monsoon is the reversal of midtropospheric
meridional temperature gradient between the equator
and 30°N along the Indian peninsula. The intensity of
the monsoon circulation to a large extent is propor-
tional to the magnitude of the temperature gradient.
For the reversal of the temperature gradient, the mid-
tropospheric temperature around 30°N has to be
warmer than that at the equator. Several studies have
been made to determine the mechanisms of pre-mon-
soonal heating. Flohn (1950, 1960) was the first to

Heavy Snow
Light Snow
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FIG. 5. Seasonal variation of snow cover extent over Eurasia (10°
km?) in the model. Tick marks on the abscissa refer to the beginning
of the month.
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FIG. 6. Seasonal variation of total snow mass over Eurasia (10
kg water equivalent) in the model. Tick marks on the abscissa refer
to the beginning of the month.

suggest that the Tibetan massif heats the midtropo-
sphere largely by the surface sensible heat flux because
of its average elevation of 4 km. Riehl (1959) showed
that heavy rainfall in eastern Tibet, Assam, and Burma
in late April and May contributes to the midtropo-
spheric heating due to the latent heat of condensation.
Later studies (Yeh 1981; Gao et al. 1981) based on
surface and upper-air observations over Tibet suggest
that the ratio of sensible heat flux to the latent heat
flux is close to two while there were large differences
between the western and eastern Tibetan Plateau. Re-
cent studies based on the FGGE data by Nitta (1983),
Luo and Yanai (1984), He et al. (1987), and Yanai
and Li (1994) showed results supporting Flohn’s hy-
pothesis that the Tibetan Plateau acts as an elevated
heat source [see Yanai et al. (1992) for review]. From
two general circulation model experiments, one with
and one without mountains, Hahn and Manabe (1975)
clearly demonstrated that the presence of mountains
in general and that of the Tibetan Plateau in particular
is essential in establishing and maintaining the Indian
summer monsoon. Kuo and Qian (1981, 1982) have
simulated the July monsoon with a numerical model
that includes the effects of the diurnal cycle. They made
several experiments including one with and one with-
out mountains to show that mountains ( Tibetan Pla-
teau) and diurnal variations are essential to simulate
realistic precipitation patterns.

The May 500-mb temperature difference (HSE
— LSE) shows a negative region centered over the Ti-
betan Plateau (see Fig. 7). The maximum cooling of
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FIG. 7. Regional distribution of May 500-mb temperature
difference (HSE — LSE). Contour interval is 0.5 K.

2 K is over the region of maximum initial snow cover
difference between the two experiments (Fig. 4¢) sug-
gesting a direct influence of initial snow cover. To study
the role of snow cover on the heating processes in the
atmospheric column over this region, we examined the
surface heat fluxes and components of diabatic heating
in the atmosphere over a region surrounding the Ti-
betan Plateau. For time average conditions (averaging
time one month), the surface energy balance can be
written following Peixoto and Oort (1992) as

Fraa = Flu — Flu — F5 —Fy = 0, (1)

where Frpq = Fé( 1 —ag)—ecTE+ Fiw, net radiative
heating

F g——solar radiation reaching the earth’s surface
as—albedo of the earth’s surface
e—thermal emissivity of the earth’s surface
o—Stefan-Boltzmann constant
Ts—surface (ground) temperature
F{w—atmospheric radiation arriving at the earth’s
surface
F. gH —upward sensible heat flux
F {H—latent heat flux due to phase change of water
(liquid to vapor)
F—downward sensible heat flux to subsurface layers
due to diffusion
F,,—Ilatent heat energy used to melt snow (or ice).

When snow is present on the ground, ag = 0.8 but it
is reduced to 0.48 when Ts ~ 273 K to account for
puddles of water. When all the snow is melted, o, is
determined by the biosphere model (Sellers et al. 1986)
depending on the vegetation cover. The thermal emis-
sivity, ¢, of snow is higher than most other surface cov-
ers. As a result, it tends to increase infrared radiation
emitted. Snow acts as a thermal insulator because of
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its low thermal conductivity. Snow melting (water
freezing) is a sink (source) for latent heat. When snow
melts water is available for evaporation, runoff, and to
increase the soil moisture by diffusion and gravitational
transport.

The three panels (a, b, and c) of Fig. 8 show the
seasonal variation of the difference (HSE — LSE) of
surface heat fluxes, snowmelt, and surface temperature
areally averaged over the region (28°-40°N, 70°-
105°E), respectively. The middle panel (Fig. 8b) shows
there is no difference in snowmelt over the region in
February and March. Snowmelt is larger in HSE than
in LSE in April-July with a maximum difference of
~10-mm water equivalent in May. The surface tem-
perature difference (HSE — LSE) shown in Fig. 8c is
negative from February to August with a minimum of
—0.9°K in May when the snowmelt difference is max-
imum. The positive (negative) values of the surface
heat fluxes in Fig. 8a indicate that fluxes are converging
(diverging) at (from) the surface to increase (decrease)
the surface temperature in HSE. By Eq. (1), the sum
of the heat flux differences must be zero for every
month. The difference in the heat fluxes are large as
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FIG. 8. Seasonal variation of difference (HSE — LSE) in surface
heat fluxes, snowmelt, and surface temperature area-weighted average
over the region (70°-105°E, 28°-40°N). (a) The difference in surface
heat fluxes. (b) The difference in snowmelt. (¢) The difference in
surface temperature. Tick marks on the abscissa refer to the monthly
average (or refer to the middle of the month).
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long as the snow is present. The difference in the heat
fluxes are close to zero in July when all the snow over
the region is melted. Prior to July, the contribution to
surface temperature due to shortwave radiation ab-
sorbed and the latent heat flux due to evaporation are
negative, whereas the sensible heat flux and net long-
wave radiation emitted from the surface are positive.
The shortwave radiation and the sensible heat flux are
dominant prior to the establishment of the monsoon
in June. From February to April, the difference in the
shortwave radiation is ~12 W m™2 less in HSE com-
pared to that in LSE. This is largely because of the
snow albedo effect. After April, a large amount of snow
melts in both HSE and in LSE, effectively decreasing
the snow extent and the albedo effect. The magnitude
of the sensible heat flux difference is about the same
as that of the shortwave radiation but of opposite sign.
When snow is present on the ground, the surface tem-
perature is colder than without snow. The overlaying
air over the colder surface is stable and hence the tur-
bulence transfer process is less effective. From March
to July, the snow albedo effect in HSE is compensated
by the sensible heat flux. The snow albedo effect dom-
inates only in February. Although snow is a good emit-
ter of longwave radiation, the net longwave radiation
in HSE is less than in LSE until July because of lower
surface temperature. The latent heat flux difference is
very small in February and March. It gradually in-
creases as the snowmelt difference increases. Although
the surface temperature is lower in HSE, the availability
of snowmelt water dominates the evaporation. The
maximum evaporation difference occurs in June when
most of the snow is melted. The latent heat of melting
and the subsurface heat flux were computed as the re-
sidual of the surface energy balance equation. In Feb-
ruary the snowmelt difference is zero. The positive sign
indicates that subsurface heat flux received at the sur-
face is larger in HSE than in LSE. After March, the
snowmelt difference increases and hence the latent heat
of melting. The snowmelt water not only increases the
soil moisture but also the heat capacity of the soil. The
surface temperature in HSE remains colder long after
all the snow is melted because of the large heat capacity
of the wetter surface.

In summary, the surface temperatures over the re-
gion are colder in HSE than in LSE because of the
snow albedo effect in February, energy used in melting
excessive snow in April through June, and because of
the greater heat capacity of wetter soil from July
through mid-August.

To see how the atmospheric heating is affected by
the excessive snow cover in HSE, we present the sea-
sonal variation of the difference (HSE — LSE) in dia-
batic heating components vertically averaged from
surface to 200 mb and areally averaged over the same
region (70°-105°E, 28°~40°N) in Fig. 9. While all the
results presented here are based on the ensemble av-
erage of four runs, the results in Fig. 9 are based only
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FI1G. 9. Seasonal variation of difference (HSE — LSE) in diabatic
heating rates in the atmospheric column (from surface to 200 mb)
vertically and area-weighted average over the region (70°-105°E,
28°-40°N). The diabatic heating rates are due to shortwave radiation,
longwave radiation, sensible heat flux, and latent heat flux. Tick marks
on the abscissa refer to the monthly average (or refer to the middle
of the month).

on the ensemble average of three runs. In the run with
initial conditions of 2 February, the data for these
heating components were not saved. The solar heating
difference in the two experiments is negligible. The
longwave heating is less in HSE than in LSE from Feb-
ruary to June but the magnitude of the difference is
small. Heating due to the latent heat of condensation
is less in HSE than in LSE in February, March, July,
and September. Only in June does the heating in HSE
exceed that of LSE. For other months, the difference
is very small. Heating due to sensible heat flux is smaller
in HSE than in LSE from February to June and the
magnitude of the difference is large compared to the
other heating processes. The difference is lowest
(~ —0.3 K day™!) in March when the surface heat
flux converging toward the earth’s surface is a maxi-
mum. In other words, heat lost by the surface due to
sensible heat flux in HSE was minimal. Hence the at-
mospheric column over the region is colder in HSE
because of less sensible heat flux received from the
earth’s surface.

We have seen from Fig. 8c that the surface tem-
perature averaged over the region (28°-40°N, 70°-
105°E) is colder in HSE than in LSE from February
through August and it is coldest in May. Figure 10
shows how this cooling in May is distributed in the
vertical and along 60°-120°E averaged over the lat-
itude belt 28°~40°N. The cooling is throughout the
troposphere but restricted to the plateau region.
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F1G. 10. Vertical cross section of May temperature difference (HSE
— LSE) along 60°-120°E area-weighted average over the latitude
belt 28°-40°N. Bold line shows the profile of mean orography in the
model along 60°-120°E averaged over the latitude belt 28°~40°N.
Contour interval is 0.2 K.

There is warming to the east and to the west of the
plateau. The maximum cooling of 1.6°K near 95°E
coincides with the region of excessive initial snow
cover in HSE (see Fig. 4¢).

b. Premonsoon circulations

The monsoon circulations are established at the
time of the onset. The climatological onset date at
the southern tip of the Indian peninsula is 1 June
with a standard deviation of eight days (Soman and
Kumar 1993). However, some features of the mon-
soon circulation appear in May (Krishnamurti
1985).

We have seen in Fig. 7 that the 500-mb mean May
temperature difference (HSE — LSE) is negative over
a broad region surrounding Tibet. This reduces the
north-south temperature gradient between the equa-
tor and 30°N over the Indian subcontinent. The im-
pact of the reduced temperature gradient is to reduce
the intensity of the circulation. One of the important
features of the monsoon circulation is the establish-
ment of the monsoon trough along the Ganges River
from the northwest to the southeast. The intensity of
the monsoon is proportional to the depth of the
trough. The May sea level pressure in LSE shows the
establishment of the monsoon trough (Fig. 11a). Fig-
ure 11b shows the difference (HSE — LSE) in sea
level pressure. The positive values over India indicate
that the monsoon trough is relatively shallow in HSE.
Another feature of the monsoon circulation is that
the lower tropospheric easterly flow over the Indian
Ocean associated with the Mascarene High crosses
the equator along the Somali Jet and then turns east-
ward to cross the Arabian Sea and the Indian pen-
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insula. The flow then continues northeastward along
the monsoon trough. These features in LSE are seen
in Fig. 12a. The anomalous easterlies in Fig. 12b sug-
gest that the westerlies over the southern part of the
peninsula are weaker in HSE. At the time of the es-
tablishment of the monsoon circulation, the upper
tropospheric subtropical westerly jet shifts northward.
The tropical easterly jet strengthens and moves
northward. The high from the South China Sea moves
northwestward. These features are well simulated in
LSE (Fig. 13a). Similar features were present in HSE
but the easterly jet was weaker as indicated by westerly
anomaly near the equator in Fig. 13b and the westerly
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F1G. 11. Regional distribution of May sea level pressure departure
from 1000 mb. (a) For LSE, contour interval is 2 mb. (b) For (HSE
- LSE) difference, contour interval is 0.5 mb.
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FI1G. 12. Regional distribution of May 850-mb wind (m s7'). (a)
For LSE. (b) For (HSE — LSE) difference. Lower scale of gray shade
shows magnitude of wind.

jet did not move as far north in LSE as shown by
westerly anomaly near 20°N over the peninsula. In
May, heavy rains occur in southeast China, Assam,
Burma, and in the Bay of Bengal. These features are
well simulated in LSE (Fig. 14a). A similar pattern
was in HSE but the intensity of the rains were much
weaker with an almost 50% decrease along the axis
of heavy rain (Fig. 14b).
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¢. Monsoon circulation

There is empirical evidence that the excess of snow
cover over the Himalayan region delays the onset of
the monsoon (Dey and Kathuria 1986) and extends
the withdrawal period (Dey et al. 1985). Similar char-
acteristics were found in these simulations.

The monsoon onset, referred to as “monsoon burst,”
occurs when the level of energetics of the circulation
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FIG. 13. Same as Fig. 12 except for 200-mb wind.



FEBRUARY 1995

551
1051
155 {
208,

3

OE 40E 50E GOE 70E BOE 90E 100 110E 120€ 130E 140€

FIG. 14. Regional distribution of May precipitation rate. (a) For
LSE, contour interval is 2 mm day™"'. (b) For (HSE — LSE) difference,
contour interval is | mm day™'.

over Indian region increases several-fold in a very short
period of time. As the seasonal insolation propagates
northward from the March equinox to the June solstice,
the latitude of the warmest midtropospheric temper-
ature shifts northward. The seasonal variation of the
latitude of maximum 500-mb temperature averaged
over the sector (70°-100°E) for the two experiments
is shown in Fig. 15. In both of the experiments the
latitude shifts from 5° to 10°N latitude in about two
months from March to May. Then it shifts from 15°
to 30°N in three weeks from the middle of May to the
first week of June. It remains near 30°N until the be-
ginning of September and then moves southward. The
main difference in the two curves is that in HSE there
is a delay of about 10 days to reach 30°N compared
to that in LSE. If we associate the latitude of maximum
temperature movement southward to the withdrawal
period, we find there is a delay in the withdrawal in
HSE in agreement with the observations.
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Krishnamurti and Ramanathan (1982) investigated
the role of differential heating between the land and
the ocean on the sudden increase in the kinetic energy
(KE) level of the monsoon circulation at the time of
the monsoon onset. During the premonsoon period,
the midtroposphere is warmed over the Tibetan Plateau
due to sensible heat flux. Also during that period, heavy
rains east of Tibet, Assam, and Burma and thunder-
storms over the Indian peninsula warm the midtro-
posphere by the latent heat of condensation. As the
season progresses, midtropospheric warm air over the
Indian region is heated continuously by the latent
heat of condensation associated with the monsoon
rains. Heating warm air generates available potential
energy. The available potential energy is then converted
to the kinetic energy (KE) of irrotational motion (K)
through buoyancy forces. The KE of irrotational mo-
tion in turn is converted to KE of rotational mo-
tion (K,).

There are four terms that contribute to the conver-
sion of KE of irrotational motion to the rotational mo-
tion C(Ky, K,). Krishnamurti and Ramanathan (1982)
have shown that the most dominant term in C(Ky,
K,) is fVy VX, where fis the Coriolis parameter, y
is the streamfunction, X is the velocity potential, and
the bar represents the regional average. At the time of
the monsoon onset, the KE level over the Indian region
increases throughout the troposphere. However, the
largest increase occurs close to the earth’s surface. We
have computed the seasonal variations of C(Ky, K),
K, and K, areally averaged over the region (6°-26°N,
70°-100°E) and from the surface to 850 mb. The vari-
ations of conversion rate from the KE of irrotational
motion to the KE of rotational motion is shown in Fig.
16. The conversion rate dramatically increases from
the middle of May, reaches a maximum in the begin-
ning of July, and then decreases. The difference be-
tween the two experiments is that in HSE

35 1ight snow
————— heavy snow

WAR - o "% £ Y 3 g

FIG. 15. Seasonal variation of latitude of maximum 500-mb
temperature averaged over the sector (70°-100°E) for LSE and
HSE.
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FIG. 16. Seasonal variation of conversion from KE of irrotational
motion to KE of rotational motion averaged from 850 mb to surface
and over the region (70°-100°E, 6°-26°N) for LSE and HSE. Units:
1075 m? 573 same as in Krishnamurti (1985). Tick marks on the
abscissa refer to the beginning of the month.

the rate of conversion is lower than that in LSE but it
is slightly higher during the monsoon withdrawal period
in September. The variations of the KE of rotational
and irrotational motion is shown in Fig. 17. The energy
level of both the components is almost the same during
April. During the monsoon season, the KE of rotational
motion is about four times as large as the KE of irro-
tational motion. The energy levels are higher in LSE
than in HSE but slightly less during the monsoon with-
drawal. These temporal characteristics of KE in the
model agree well with observations (Krishnamurti and
Ramanathan 1982; Webster and Yang 1992).

We have seen that HSE circulations are weaker than
those of LSE. However, the empirical evidence is that
the summer monsoon precipitation for JJAS over India
is less during the years of heavy snow cover. Figure
18a shows the JJAS precipitation pattern for LSE. The
rainfall pattern resembles well the climatological rain-
fall pattern over the Indian region—a large center of
maximum rainfall in the Bay of Bengal, Bangladesh,
and Assam. There is a relatively smaller maximum on
the west coast of India. In the climatology, the rainfall
on the west coast is equally strong. The precipitation
rate areally averaged over the region (10°-30°N, 60°-
100°E) is 7.4 mm day ™! or about 900 mm for four
months. This is comparable to the observed climato-
logical rainfall over India of 850 mm (Mooley and
Shukla 1987). In HSE, the average precipitation rate
is 7 mm day ! or 850 mm for four months. The stan-
dard deviation computed from the four runs is ~0.4
mm day ! in both of the experiments. The observed
standard deviation is ~0.8 mm day~! (Mooley and
Shukla 1987). The standard deviation in the experi-
ment is considered only due to internal dynamics,
whereas in the observations, it is also due to interannual

Why £ L [ stp

F1G. 17. Seasonal variation of KE of rotational and irrotational
motion averaged from surface to 850 mb and over the region (70°-
100°E, 6°-26°N) for LSE and HSE. Units: m? s™2. Tick marks on
the abscissa refer to the beginning of the month.
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FIG. 19. Regional distribution of JJA 850-mb wind (m s™"). (a) For LSE. (b) For (HSE — LSE) difference.
Lower scale of gray shade shows magnitude of wind.

variability in global boundary conditions. The differ-
ence in the rainfall pattern in Fig. 18b shows the de-
crease in the rainfall at the centers of maximum pre-
cipitation. The magnitude of the difference is about
one standard deviation, that is, 0.4 mm day~!: Barnett
etal. (1989) present composite maps of Indian rainfall
departures for years of heavy and light Eurasian snow
cover (see Fig. 12 in Barnett et al.). These figures show,
in both cases, a maximum departure of half a standard
deviation. The results in Fig. 18b compare favorably
with their composite maps.

The influence of the Eurasian snow cover is not only
over the Indian region but also over the rest of the
globe. Here we present the influence on the lower tro-
pospheric circulation over the Indian region and the
Pacific Ocean (Fig. 19a). The 850-mb wind circulation
shows the typical easterlies in the Indian Ocean crossing
the equator along the Somali Jet then turning to west-
erly flow over the Indian peninsula and then to south-
westerly flow around the monsoon trough. Over the
equatorial Pacific Ocean, the trades are of magnitude
~5-10 m s™". In the northern Pacific Ocean, relatively



262

60S

90s

0 60E 120€ 180

FiG. 20. Global distribution of July vertically averaged diabatic
heating rates in the atmosphere. (a) For LSE, contour interval is 1
K day~'. (b) For (HSE — LSE) difference, contour interval is 0.3 K
day™'. Shaded region shows negative difference equal to or exceeding
0.3 K day™\.

strong trade winds are associated with the Pacific High,
and typical weak trade winds over the warm pool of
water in the western Pacific. Figure 19b shows the dif-
ference between the two experiments. The circulations
are weaker in HSE than in LSE. The anomalous west-
erlies in the eastern equatorial Pacific Ocean (120°-
80°W) indicate weak trade winds in HSE. Similar re-
sults were reported in Barnett et al. (1989) and Ya-
sunari ( 1992). There is also observational evidence that
the trade winds in the eastern equatorial Pacific Ocean
are strong (weak) when monsoon circulations are
strong (weak ) (Meehl 1987; Webster and Yang 1992).
Weak trade winds are precursors to El Nifio (Ras-
musson and Carpenter 1982). It is possible that ex-
cessive winter/spring snow cover over Eurasia alters
El Nifio period. _

To examine the effect of Eurasian snow cover on
the global distribution of heating, we present Fig. 20.
Figure 20a shows the July mean vertically averaged
global distribution of heating in LSE. The region of
maximum heating rate (>2°K day') is over the
Indian monsoon region. The other heating regions are
along the SPCZ and over the central American and
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central African parts of the ITCZ. The general distri-
bution of heating agrees well with estimated mean
heating rates for July derived from observations
(Johnson et al. 1987). The regions of cooling in the
eastern north and south subtropical Pacific Ocean and
in the eastern north and south subtropical Atlantic
Ocean also agree well with the results of Johnson et al.
(1987). The observed estimates of cooling rates in the
southern Indian Ocean, however, are not well simu-
lated. Figure 20b shows the difference (HSE — LSE)
in the heating rate. The large regions of negative dif-
ference over the tropical belt between 60°E and 120°W
seen in this figure suggest that the effect of Eurasian
snow cover is not only concentrated over the Indian
region but over a much larger region. The effect of
Eurasian snow cover on the global distribution of the
secondary circulations represented by the velocity po-
tential and the associated divergent wind field at 200
mb is shown in Fig. 21. The mean July global distri-
bution of secondary circulations at 200 mb in LSE is
shown in Fig. 21a. The zonal wavenumber one char-
acter of the velocity potential agrees well with that es-
timated from observations (see Fig. 3b in Krishnamurti
1985). The centers of converging winds over the
southeastern tropical Pacific Ocean and over northern
and southern Africa also agree well with observations.
The same is true for the center of diverging winds in
the western Pacific Ocean just north of the equator.
The global distribution of July mean 200-mb velocity
potential in HSE had a similar pattern as in Fig. 21a
but its amplitude was smaller. This can be seen in Fig.
21b, which shows the difference (HSE — LSE) in ve-
locity potential and associated divergent winds. The
lower magnitude of velocity potential in HSE is con-
sistent with smaller heating rates over the tropical belt
between 60°E-120°W seen in Fig. 20b.

4. Summary and concluding remarks

The purpose of this study is to model and simulate
the observed evidence that excessive winter/spring
Eurasian snow cover reduces the Indian monsoon
rainfall the following summer. We have used an im-
proved version of the COLA-GCM (R40, L18) that
reproduces the observed Indian monsoon circulation
and precipitation patterns.

We have conducted two experiments with the model.
The experiments were identical except for initial snow
cover over Eurasia. From nine years of Nimbus-7
SMMR data, we obtained the maximum and mini-
mum snow depth at every gridpoint over Eurasia. In
one experiment, we prescribed the maximum snow
depth and in the other, minimum snow depth. Four
runs were made with initial conditions of four consec-
utive days to compute ensemble means.

We have shown that the maximum initial snow
depth in February reduces JJAS precipitation over In-
dia. The excessive snow cover is associated with a weak
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FI1G. 21. July 200-mb velocity potential and associated wind vectors of irrotational motion. (a) For LSE.
(b) For (HSE — LSE) difference.

monsoon circulation, a delay in the monsoon onset,
and a delay in the monsoon withdrawal in agreement
with observations.

The weak monsoon is characterized by higher sea
level pressure over India, a weaker Somali Jet, weaker

lower tropospheric westerlies, and weaker upper tro-
pospheric easterlies.

The weak monsoon circulations are associated with
weaker secondary circulations and a smaller magnitude
global velocity potential field. The remote response is
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to reduce the strength of the trade winds in the equa-
toridl eastern Pacific Ocean.

The reduction of the midtropospheric meridional
temperature gradient between the equator and 30°N
along the Indian peninsula seems to be responsible for
the reduction in the intensity of the monsoon circu-
lation. In the experiment with initial heavy snow cover,
the surface temperature over Tibet is reduced largely
by the latent heat of melting. The albedo effect, which
reduces the solar radiation absorbed at the surface, is
canceled by the reduction in the heat loss due to sen-
sible heat flux. Energy lost by the excess evaporation
because of the availability of snowmelt water is almost
canceled by energy gain by emitting longwave radiation
at lower temperatures. When all of the snow is melted,
the increase in soil moisture increases the heat capacity
of the surface to maintain lower surface temperature
during the monsoon season. The tropospheric tem-
perature is lower because of the reduction in the sen-
sible heat flux received from the surface.

The average precipitation difference between the two
experiments is 0.4 mm day ™!, which is equal to one
standard deviation. If we assume that the probability
distribution of the average precipitation rate is Gauss-
ian, then the difference is not statistically significant at
the conventional level of five percent. We computed
the *‘¢” statistic at each grid point. The “¢” was signif-
icant at five percent level only at the centers of maxi-
mum decrease. Yasunari et al. (1991) also had similar
results. Barnett et al. (1989) found statistically signif-
icant results but the magnitude of the snow anomaly
in their experiment in June was almost ten times as
large as in the present study. Zwiers’s (1993) study was
realistic because it was based on model-generated in-
terannual changes of snow cover but the results were
not statistically significant.

The limitation of the present study is the prescribed
initial snow depth in the two experiments and the short
integration time (less than a year). For a realistic ex-
periment, it is necessary to simulate observed changes
in the monsoon circulation and precipitation pattern
in two years with above and below Eurasian snow cover
and near normal surface temperatures in the Indian
and Pacific Oceans.

While the model simulates the surface processes
fairly accurately, a diagnostic method is used to com-
pute snow accumulation and snow melting. That is,
the predicted surface temperature determines the snow
accumulation and melting process. For a realistic ex-
periment, it is necessary that the model includes a
prognostic method for the snow accumulation and
melting process. The method should include a snow
pack with density varying in the vertical and should
consider the balance of mass and energy within the
snow pack as well as at the top and bottom of the snow
pack (Loth et al. 1993).

In the present study, we have not attempted to de-
termine whether the snow anomaly on the continental
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scale or the snow anomaly over a limited region (e.g.,
the Tibetan Plateau) was the dominating factor. Iden-
tifying such a dependence is crucial considering the
usefulness of this relation for the long-range forecast
of the Indian summer monsoon and the economical
constraints of monitoring snow depth.
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